Introduction
The Southern Ocean surface is characterized by rapid supply of nitrate (NO 3 À ) and phosphate (PO 4 3À ) from the underlying deep ocean, such that iron (Fe) and light appear to limit the growth of phytoplankton (Martin, 1990; Sunda & Huntsman, 1997) . Incomplete NO 3 À consumption in the Southern Ocean surface and subsequent transport of NO 3 À -rich water into the ocean interior increases the fraction of unused (preformed) NO 3 À , which is necessarily accompanied by the degassing of biologically sequestered carbon dioxide (CO 2 ) back to the atmosphere (Ito & Follows, 2005; Sarmiento & Toggweiler, 1984; Sigman et al., 2010 ). An increase in Southern Ocean nutrient consumption can enhance the efficiency of the global biological pump and stem the high-latitude CO 2 leak, making it a promising explanation for the lower atmospheric CO 2 concentrations of ice ages (Knox & McElroy, 1984; Sarmiento & Toggweiler, 1984; Siegenthaler & Wenk, 1984) .
Circumpolar Current Front is the approximate boundary of poleward and equatorward transport of upwelled water (i.e., the lower and upper cells), dividing the AZ into the southern Polar Antarctic Zone (PAZ) and the northern Open Antarctic Zone (OAZ). There is evidence that both the AZ and SAZ contributed to lower Southern Ocean CO 2 leakage during ice ages, through circulation changes in the AZ (François et al., 1997) and through an Fe-fertilized rise in export production in the SAZ (Martínez-García et al., 2014) . Here we focus on the data indicating changes in the AZ.
In sediment cores from the AZ, the glacial intervals are characterized by an elevated δ N db argue for more complete NO 3 À consumption during ice ages relative to the modern ocean. At the same time, proxies such as thorium-230-normalized fluxes of opal and biogenic barium, as well as the ratio of protactinium to thorium, consistently indicate decreased export production during ice ages (François et al., 1997; Kumar et al., 1993 Kumar et al., , 1995 Mortlock et al., 1991) . The coupled observations of elevated δ 15 N db and reduced export production are thought to require a decline in the supply of NO 3 À to the AZ surface (François et al., 1997; Robinson & Sigman, 2008) . Other proposals for these coupled observations (Anderson et al., 2002) , such as an ice age influence from high-δ 15 N, sea ice-derived organic matter (Rau et al., 1991) , have so far failed to produce a viable alternative explanation (Fripiat et al., 2014) .
The ice age reduction in gross nutrient supply, under most circumstances, requires a decline in the rate at which NO 3 À -rich CDW is imported into the summertime mixed layer. François et al. (1997) originally referred to the glacial state of reduced nutrient supply as stratification, based on the notion that the reduction in vertical communication of waters would involve enhanced density gradients. In an effort to reduce confusion between the observationally inferred reduction in deep/surface exchange and its physical oceanographic cause, we refer to the reduction in exchange itself as ice age separation.
A decrease in wind-driven upwelling within the AZ was one of the first physical hypotheses for AZ ice age separation (Sigman & Boyle, 2000; Toggweiler et al., 2006) . According to this hypothesis, the colder glacial climate induced an equatorward migration of the Antarctic wind belt, decreasing upwelling in the AZ and thus the strength of the upper cell (Toggweiler et al., 2006) . This change may have in turn worked to weaken the lower cell, as follows (De Boer et al., 2008; Toggweiler et al., 2006) . A northward shift in the westerly winds would have increased the residence time of water in the AZ surface mixed layer, strengthening salinity-driven density stratification (the halocline) in the AZ upper water column and impeding vertical exchange. This change could have reduced deep ocean ventilation in the AZ, possibly including the abyssal water formation that appears to occur mostly around the Antarctic continent.
These changes, especially the weakening of the lower cell, should have worked to lower atmospheric CO 2 . Even in the case of a partially compensating decline in the absolute rates of nutrient assimilation and biological export production, the reduction in gross nutrient supply to the surface ocean could have resulted in elevated fractional nutrient consumption (François et al., 1997; Studer et al., 2015) . Both the reduction in abyssal ocean ventilation from the AZ and the increased nutrient consumption would have diminished the highlatitude CO 2 leak to the atmosphere .
Other physical mechanisms have been proposed for ice age Antarctic separation. A second category of hypotheses involves a decline in abyssal mixing, in effect reducing the demand for new deep water to form around Antarctica (De Boer & Hogg, 2014; Ferrari et al., 2014; Lund et al., 2011; Watson & Naveira Garabato, 2006) . The reduced effect of temperature on seawater density at low temperature has been proposed to explain the apparent reduction in Antarctic deep ventilation both at the 2.7 million year intensification of northern hemisphere glaciation and during the late Pleistocene ice ages (De Boer et al., 2007 ). An expansion of seasonal sea ice during ice ages has been proposed to export brines sufficiently concentrated in salt that they freshened the Antarctic surface and reduced deep water formation (Bouttes et al., 2010) . Finally, an expansion of the Antarctic region of buoyancy loss would have increased the residence time of water in the Antarctic surface between ascending from depth and sinking back into the interior, allowing for more complete NO 3 À consumption (Ferrari et al., 2014; Watson et al., 2015) .
There is a critical need for additional information with which to test these varied hypotheses. The major impetus for the current study is to provide constraints on the physical changes that may have caused ice
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Paleoceanography and Paleoclimatology age separation by providing a quantitative estimate of the decline in NO 3 À supply that was required during ice ages. To do so, we have developed a numerical model of N isotopes in the upper water column of the AZ that includes seasonally varying physical and biogeochemical processes. The model is tuned to modern conditions using estimates and observations of summertime NO 3 À drawdown, biomass abundance, export production, and upwelling. With this model, we quantify the proportion by which communication between the deep and surface must have decreased during ice ages to satisfy the coupled rise in δ 15 N db and decline in export production indicated by the downcore proxy measurements.
Our numerical model differs fundamentally from prior efforts to quantitatively interpret sedimentary δ 15 N db data. Previously, diatom-bound N isotope ratios were analyzed using the Rayleigh model, a set of analytical expressions for relating isotopic ratios to the fractional consumption of an initial substrate (François et al., 1997; Studer et al., 2015) . In the context of Southern Ocean sediments, the Rayleigh model has been used to relate δ 15 N db to the degree of NO 3 À consumption in the summertime surface ocean and subsequently to estimate the ice age reduction in gross NO 3 À supply (François et al., 1997) . However, the Rayleigh model must assume a concentration and δ 15 N for the NO 3 À supply (i.e., for the NO 3 À in the surface prior to the spring/summer drawdown period). If the concentration of the NO 3 À supply and the depth of the mixed layer are held constant between interglacial and glacial cases, then the rise in δ 15 N db requires a rise in export production, violating observations.
In reality, the NO 3 À supply available for consumption during the summertime growth period is dependent on the degree of NO 3 À drawdown and other processes that occurred during the prior years. The nutrient dynamics of the AZ upper water column derive in large part from the seasonal cycle in vertical structure (Figure 1 ). In the winter, there is a single,~175-m-deep wind-mixed layer ( Figure 1a ; Dong et al., 2008) . Into the spring and summer, warming and freshening lead to the development of a~50-m-deep mixed layer, with the deeper portion of the past winter's mixed layer below it (Figure 1b ). This summertime shoaling of the mixed layer increases the average light conditions experienced by the phytoplankton within it, working with the increased flux of solar radiation to drive spring and summer phytoplankton growth (Mitchell et al., 1991; Smetacek & Passow, 1990) . The development of a shallow summer mixed layer also isolates a shallow subsurface layer, known as the temperature minimum layer (T min ), which retains the low temperatures of the Antarctic winter (Sharma & Mathew, 1985) . In the following autumn and winter, the previous summer's mixed layer is once again homogenized into the underlying waters, leading to the redevelopment of the winter mixed layer.
A key implication of the modern seasonality of the AZ upper water column is that wintertime mixed layer deepening does not return the surface layer to the NO 3
Rather, it returns it to a [NO 3 À ] that is intermediate between the summertime surface and the deep waters below the wintertime mixed layer, with additional alteration by the remineralization of particulate N (PN) and ammonium (NH 4 + ) that is resident in the late summer mixed layer when mixed layer deepening begins (Smart et al., 2015 (Figure 2 ). In the model, the top layer represents the shallowest portion of the wind-mixed layer in winter and the entire mixed layer in summer, while the underlying layer represents the deeper portion of the mixed layer in the winter and the T min layer in summer. We refer to the top layer as the surface and the lower layer as the T min . The model parameterizes the surface mixed layer as having a depth of 50 m, and the base of the T min layer is set at 175 m (Dong et al., 2008) . Below the surface and T min layers is an infinite reservoir of CDW, which interacts directly with the T min .
In the surface, we track the concentration and δ . The model is a series of differential equations, described in supporting information S1 and provided in Data Set S1, implemented in MATLAB and solved using the function ode15s. Briefly, diatom NO 3 À uptake follows a Monod parametrization (Sarthou et al., 2005) N accounting for the relevant isotope effect and the degree of substrate consumption at each model step (Hayes, 2004) . As described below, the model calibration data are derived from profiles of [NO 3 À ] and NO 3 À δ 15 N in the modern OAZ and PAZ (Kemeny et al., 2016) . We compare model results to a sediment core from the OAZ (Studer et al., 2015) . Accordingly, during the discussion of large-scale ocean biogeochemistry, we interpret the model as reflecting the southern limb of the upper cell of the global overturning circulation.
Water Exchanges
The model parameterizes two potential physical mechanisms of NO 3 À supply from CDW. The first path of NO 3 À supply is circumpolar westerly winds inducing the upwelling of deep water into the mixed layer ( Figures 1 and 2 green arrows) and the northward transport of surface waters into the SAZ. This mechanism brings CDW into the T min layer and water from the T min into the surface, with water leaving northward from the surface layer. Conceptually, this upwelling is a component of the upper cell in the global overturning circulation (Toggweiler et al., 2006) . The upwelling flux represents water that leaves the surface ocean at a different density than when it enters at the T min /CDW boundary, so at the regional scale it is probably best compared to the upper cell of the Southern Ocean residual circulation, which is the net movement of water resulting from Ekman pumping after its partial compensation by the eddy-driven flow (Marshall & Speer, 2012) . The second type of supply, which we term basal mixing (Figures 1 and 2 blue arrows), represents all other diapycnal, two-way exchanges between deep water and the base of the T min layer. Furthermore, basal mixing potentially includes a contribution from both diapycnal mixing throughout the PAZ and the deep overturning occurring in the PAZ close to Antarctica that is typically described as directly ventilating the abyssal Antarctic; in this case, the NO 3 À supplied to the upper PAZ is communicated to the OAZ by lateral exchange (DiFiore et al., 2009 (DiFiore et al., , 2010 . Because basal mixing represents the exchange of water parcels with different densities between the T min layer and CDW, it also requires fluxes of buoyancy and so only and basal mixing (blue). Diatoms take up NO 3 À during the bloom portion of summer, and throughout the summer N is cycled among zooplankton, non-diatom phytoplankton, and NH 4 + (orange arrows). In the winter (purple arrows), the surface and T min homogenize. NH 4 + is nitrified to NO 3 À throughout the year in the T min layer, but only in wintertime in the surface layer. During the entire year, diatoms and zooplankton fecal pellets are exported from the surface ocean (although the flux is dominantly in the summer), and a fraction of exported diatom biomass and zooplankton fecal pellet N is remineralized in the T min layer. Isotope effects ( 15 ε) are indicated for fractionating fluxes, rate constants for modern conditions are shown in Table 1 , and model equations are given in supporting information S1.
approximately represents the eddies commonly discussed in connection with the Southern Ocean residual circulation (Marshall & Speer, 2012) . Upwelling from the T min layer to the surface layer occurs throughout the year. The surface and T min layers mix vigorously during the winter, but no summertime mixing is allowed between the two layers. While the seasonal model resolves the residual circulation and basal mixing as two distinct physical mechanisms of NO 3 À supply into the AZ, it cannot directly distinguish between their relative importance in the modern Southern Ocean or during the Last Glacial Maximum (LGM).
Biogeochemical Processes
The model parameterizes two summertime phases and one wintertime phase of biomass accumulation, mortality, and biogeochemical transformations ( Figure 2 ). The summertime is split into two halves in order to represent the seasonal intensification of Fe limitation. The first 90 days of the summer, termed the bloom period, reflect rapid diatom growth in Fe-replete conditions. At the time of NO 3 À consumption, the model divides diatom-assimilated N into biomass and frustule-bound N. The latter half of the summer, termed the late summer period, reflects Fe-depleted conditions that halt diatom NO 3 À assimilation and cause a transition in phytoplankton growth from diatoms to non-diatoms and new production to recycled production (Sambrotto & Mace, 2000; Tagliabue et al., 2014) . Regardless of season, each day, a fraction of diatoms is exported from the surface layer, and some exported diatom biomass is remineralized to NH 4 + in the T min layer. The model separately tracks the abundance and δ
15
N of diatom biomass and frustules that reach the sediments.
Two cases are considered with regard to seasonal N cycling within the layers of the model: (1) no upper ocean N cycling and (2) active N cycling. The modern calibration is conducted with active N cycling, as it is an integral part of the complete model. In the case with no N cycle, zooplankton do not graze on diatoms and the only active biogeochemical processes are summertime NO 3 À assimilation by diatoms, remineralization of exported diatom biomass to NH 4 + and then to NO 3 À , and export of diatom biomass and frustules to the sediments. In the case with an active N cycle, N is also cycled through zooplankton, NH 4 + , and non-diatom phytoplankton ( Figure 2 ). Zooplankton export fecal pellets, which are also partially remineralized to NH 4 + in the T min layer, and the model tracks the flux and δ 15 N of fecal pellets reaching the sediments separately from the export of diatom biomass and frustules. The model assumes that non-diatom phytoplankton are not directly exported from the surface ocean, which represents a simplification of unknown importance (Close et al., 2013; Fawcett et al., 2011; Michaels & Silver, 1988; Waite et al., 2000) .
During all phases of the model, NH 4 + in the T min layer is nitrified to NO 3 À at a constant rate. Conversely, NH 4 + in the surface ocean is only nitrified in the wintertime (Smart et al., 2015) .
Model Calibration to Modern Conditions
The magnitudes of fluxes between N pools are manually tuned to match modern observations from the Southern Ocean surface, described below (Tables 1 and 2) .
Summertime NO 3 À Depletion and Particulate Nitrogen Accumulation
The model is tuned to the concentration and δ 15 N of NO 3 À + NO 2 À that Kemeny et al. (2016) report for the late summer Pacific sector AZ ( Table 2) . Most of the profiles in this data set are underlain by LCDW, which minimizes the influence of lateral mixing between the T min layer and poleward waters (DiFiore et al., 2009 (DiFiore et al., , 2010 not be assumed to reflect the mean conditions of the whole AZ, they provide a fair representation of the region (DiFiore et al., 2010; Sigman et al., 1999; Smart et al., 2015) .
Surface suspended PN is typically measured as the material that accumulates on filters. In the model, PN is represented as the sum of diatoms, non-diatom phytoplankton, and zooplankton. Although the model lacks specific bacterial and detrital particle pools, preliminary evidence indicates that these reservoirs are not highly distinct in δ
15
N from non-diatom phytoplankton (Fawcett et al., 2011; Trull et al., 2015) . (Koike et al., 1986) . The seasonal evolution of (Olson, 1980) to~0.5-1.5 mmol/m 3 during the late summer (Glibert et al., 1982; Rönner et al., 1983) , but rising as high as 4.5 mmol/m 3 in coastal settings (Koike et al., 1986) . In the open Indian sector of the Southern Ocean, Bianchi et al. (1997) (Rubin et al., 1998) , probably toward the lower end (Munro et al., 2015) but with higher values toward the coasts (Sweeney et al., 2000) . Sinking PN δ 15 N has been measured at~0‰-2‰, which is significantly higher than suspended PN δ 15 N (Altabet & François, 2001; Lourey et al., 2003 ).
In the results described below, the δ 15 N of sinking PN approaches the higher end of the observed range. If we included isotope fractionation with remineralization of sinking PN in the T min , the sinking PN δ 15 N may exceed observations. However, a remineralization isotope effect would also retain 14 N in the upper ocean, allowing for a lower intensity of late summer N recycling and a lower δ 15 N of export. In net, isotope fractionation during remineralization provides an alternative approach for generating modern N isotope observations (supporting information S5, Figure S14 ). In the main manuscript, however, we assume no fractionation during the remineralization of sinking PN (Altabet et al., 1991;  Table 1 ).
Calibration of Water Exchanges
Because the model does not explicitly simulate eddy processes, its upwelling term represents the difference between the wind-driven Ekman pumping and the opposing eddy transport (Marshall & Speer, 2012) . Although Ekman upwelling in the AZ is~20 Sv (Karsten & Marshall, 2002) , the residual transport is found to be only about 10-15 Sv (Abernathey et al., 2016; Karsten & Marshall, 2002; Marshall, 1997; Marshall & Radko, 2003 Marshall & Speer, 2012; Sallée et al., 2010) . The magnitude of upwelling per ocean area is the residual transport normalized to the surface area of the open AZ (i.e., between the APF and the Southern Boundary), calculated to be 1.8 × 10 13 m 2 using the frontal positions of Orsi et al. (1995) . Here we present results for modern upwelling of 10 Sv (i.e., 4.8 cm/day), consistent with the lower end of existing estimates.
In order to simultaneously match the target value for AZ export production and observations of seasonal surface [NO 3 À ], the model requires approximately 20 Sv of gross exchange between the T min layer and the underlying deep ocean, roughly consistent with existing estimates (Abernathey et al., 2016) . Given the evidence for approximately 10 Sv of residual upwelling, the 10 Sv of additional gross exchange with deep water that is required is parameterized as basal mixing. Importantly, model results are similar for 20 Sv of upwelling and 0 Sv of basal mixing, or for 20 Sv of basal mixing and 0 Sv of upwelling (supporting information S3, Figures S3-S9 ).
Calibration of Biogeochemical Processes
During the bloom period of the summertime, diatoms assimilate NO 3 À with a normal isotope effect of À5.85‰. Diatom assimilation of NO 3 À follows Monod kinetics where the half-saturation constant and maximum uptake rate are 500 μmol/m 3 and 57 μmol m À3 day
À1
, respectively (Capone et al., 2008) . Practically, diatoms consume NO 3 À at the maximum uptake rate each day during the bloom period until [NO 3 À ] becomes very low, which only occurs in the experiments approximating the ice age separation hypothesis, with low NO 3 À supply. During the late summer period and the wintertime, diatoms do not assimilate NO 3 À . On each day, regardless of the season, 3% of the diatom pool is exported from the surface ocean.
In simulations with N cycling, zooplankton consume 3% of the diatom pool and 17% of the non-diatom phytoplankton pool each day. To represent digestion, zooplankton assimilate 95% of this incoming food into biomass with a À3‰ isotope effect and release the remainder as fecal pellets (Altabet & Small, 1990) . To represent metabolism, zooplankton release as NH 4 + 50% of their biomass each day with an isotope effect of À3‰ (Altabet & Small, 1990; Checkley & Miller, 1989) . The two equal isotope effects of digestion and metabolism do not mutually cancel because the fractional input of N during digestion (95%/day, with zooplankton as the product pool) is significantly larger than the fractional output of NH 4 + during metabolism (50%/day, with zooplankton as the substrate pool); when considering the influence of digestion and metabolism on the isotopic composition of zooplankton relative to their food source, the isotope effect of metabolism is more fully expressed than the fractionation associated with digestion. This combination of digestive and metabolic processes forces the δ 15 N of zooplankton to stay elevated relative to the δ 15 N of their food source (DeNiro & Epstein, 1981; Fry, 1988; Minagawa & Wada, 1984; Wada et al., 1987) while also forming fecal pellets elevated in δ 15 N relative to the food source (Altabet & Small, 1990 , and only during the summer. In simulations with an active N cycle, the consumption of diatoms and non-diatom phytoplankton by zooplankton and the consumption of NH 4 + by non-diatom phytoplankton occur during both the diatom-bloom and postbloom phases of the summertime. NH 4 + remaining at the end of the summer in the surface is nitrified to NO 3 À at a rate of 5% daily with an assumed isotope effect of À15‰ (Casciotti et al., 2003) , and NH 4 + in the T min layer is nitrified during both summer and winter at the same rate and with the same isotope effect. While the isotope effect of nitrification is uncertain, the high degree of NH 4 + consumption by nitrification and the lack of significant competition from other processes cause the choice for this isotope effect to have no significant impact.
Ten percent of N exported from the surface ocean as diatom biomass or zooplankton fecal pellets is remineralized to NH 4 + in the T min layer, although this value is poorly constrained and has been demonstrated to vary spatially (Berelson, 2001; Martin et al., 1987; Weber et al., 2016) . N bound within diatom frustules is not remineralized. As further discussed below, we assume an isotope effect of 0‰ for the remineralization of organic matter in the T min layer (supporting information S5).
Modeling Glacial Conditions and δ
15 N db
Simulation of Ice Age Conditions
In modeling of ice age conditions, reductions in the gross NO 3 À supply to the surface ocean are simulated with simultaneous and equal reductions in upwelling and basal mixing (Figure 2 ). Relative to the interglacial case of 20 Sv, these reductions decrease the movement of water across the base of the T min layer/winter mixed layer, reducing the total amount of N in the surface ocean. The decision to apply equal reductions in upwelling and basal mixing reflects our uncertainty in the relative strength of these two NO 3 À supply mechanisms throughout the last glacial cycle. Moreover, the magnitude of basal mixing may depend in part on the strength of upwelling (Abernathey & Ferreira, 2015) , such that simultaneous reductions in both mechanisms are plausible. Finally, for the purposes of quantifying the reduction in deep-surface exchange required to explain paleoceanographic measurements, equal reduction of upwelling and basal mixing is a more conservative choice than a reduction in upwelling alone.
In a subset of model simulations, a reduction in the summertime mixed layer depth is included that occurs in proportion with the decline in water (and NO 3 À ) supply from below, reaching a minimum summertime mixed layer depth of 25 m. In these simulations the wintertime mixed depth remains 175 m. Shoaling the wintertime mixed layer in parallel with the summertime mixed layer had no significant effect (results not shown). The water fluxes and thus the gross supply of NO 3 À from deep water are not affected by changes in mixed layer depth. Results for ice age simulations are presented in the main text, and additional model output from this set of simulations is given in supporting information S4 ( Figures S11-S13 ).
Comparison of Measured and Simulated δ 15 N db
A central purpose of this study is to relate the model output for diatom biomass δ 15 N with observations of δ 15 N db from sediment cores, and below we compare our model output to the data of Studer et al. (2015) .
However, to compare simulated biomass δ 15 N with the δ 15 N of N protected and preserved within diatom frustules, we need to account for the distinction between bulk diatom biomass and the N bound within the diatom frustules that accumulate in the sediment. The culture study of Horn et al. (2011) suggests that δ 15 N db is typically lower than biomass δ 15 N, with significant taxonomic variation. In contrast, a cleaning protocol study by Morales et al. (2013) and a Bering Sea net tow study by Morales et al. (2014) (Brunelle et al., 2007; Robinson et al., 2004 ), so we favor that field-based finding. For purposes of comparing our modeled export production with actual observations, when partitioning consumed N into diatom biomass and frustule components we assume the frustule-bound N to be 2.8‰ higher in δ 15 N than the diatom biomass. However, we stress that the model's output is more meaningful for its changes in δ 15 N db than for its absolute values. Importantly, downcore variation in diatom taxa is minor in the sediment core of Studer et al. (2015) , such that species differences in the δ 15 N offset between biomass and frustule cannot explain the downcore δ 15 N db variations. This assertion is further supported by assemblage specific δ 15 N db records reported by Studer et al. (2015) .
Results and Discussion

Seasonality in the Modern Southern Ocean Surface
The model achieves an interannual steady state for modern conditions and glacial simulations within 150 years, and we exclusively consider model output after steady state is achieved. During the bloom phase of summer, diatoms assimilate NO 3 À , decreasing surface ocean [NO 3 À ] and causing progressive summertime (Table 2) .
3.2. Ice Age Simulations: Reducing Gross NO 3 À Supply 3.2.1. Model N Isotopes Ice age Antarctic separation was simulated by decreasing NO 3 À supply to the surface ocean through equal reductions in upwelling and basal mixing ( Figure 5) ; however, our results change minimally if only one of these supply mechanisms is reduced (supporting information S3 and Figures S3-S9) . Diatoms in the model consume NO 3 À at a roughly constant rate until [NO 3 À ] becomes very low, as determined by the halfsaturation constant governing the Monod representation of diatom growth (Table 1) . As a result, decreasing the nutrient supply in model simulations with a constant mixed layer depth initially has a minimal impact on export production but increases the fractional consumption of NO 3 À during the summertime season (Figures 6a and 6b ). In simulations with variable mixed layer depths, decreasing the nutrient supply reduces export production while also increasing the fractional consumption of NO 3 À (Figures 6c and 6d) .
In both cases, the increase in degree of NO 3 À consumption (Figures 5a and 5b ) causes an increase in the δ 15 N of both NO 3 À remaining in seawater at the end of summer (Figure 5d ) and in exported diatoms (Figures 6b and 6d (Figures 5c and 5d ), as discussed further below.
For both winter and summer, the modeled δ 15 N of surface NO 3 À is substantially lower than predicted by the Rayleigh model, with the difference becoming greater at lower [NO 3 À ] (Figure 5c and 5d) . Focusing on the δ 15 N of surface NO 3 À in the winter, the reason for these findings is that while the δ 15 N of the residual surface NO 3 À continues to increase with greater fractional consumption of supplied nutrients, the [NO 3 À ] of the surface water that mixes downward during the winter becomes lower at decreased magnitudes of NO 3 À supply, thereby weakening the impact of the summertime surface layer on the NO 3 À δ 15 N of the T min layer. As NO 3 À supply is further decreased and summertime NO 3 À consumption proceeds almost to completion, the δ 15 N of À consuming processes that is common in the ocean and, more broadly, in the environment in general (Deutsch et al., 2004; Houlton et al., 2006; Thunell et al., 2004) . The δ 15 N of surface NO 3 À in the summer responds similarly to declining NO 3 À supply (Figure 5d ). In the scenario without a N cycle, as the gross input of water from below decreases below~2.5 Sv, surface NO 3 À becomes nearly exhausted during the summertime, and end-summer surface NO 3 À δ 15 N declines toward the NO 3 À δ 15 N of the waters upwelled from the T min layer (Figure 5d , gray shading).
In the model case with active N recycling, at very low rates of NO 3 À supply, the δ 15 N of wintertime NO 3 À in the mixed layer is lower than that of either CDW or the modern wintertime mixed layer ( Figure 5 ). This is because, with active N recycling in the summer mixed layer, a low-δ 15 N PN pool develops. In the winter, this PN is mixed throughout the wintertime mixed layer and generates low-δ 15 N NO 3 À following remineralization and nitrification (Smart et al., 2015) . As the gross NO 3 À supply from CDW into the wintertime mixed layer is decreased, this low-δ 15 N regenerated NO 3 À becomes a more important influence on the NO 3 À δ 15 N, causing wintertime NO 3 À δ 15 N to decrease below the δ 15 N of the NO 3 À supply. (Figure 4a and supporting information S5), supporting our focus on the model including the simulation of the upper ocean N cycle.
Export Production
In the model case with no N cycling, export production is entirely composed of diatom biomass (Figure 6a , green dashed curve, and Figure 6c , blue dotted curve), frustule-bound N representing a minor component of this. With N cycling, more than two thirds of the total organic N export is as diatom biomass, and the remainder as zooplankton export represented by fecal pellets. As most paleoceanographic measurements are of the accumulation rate of diatom-dominated biogenic opal, we focus here on the diatom component of the modeled export production. In the model with a constant mixed layer depth, diatom export holds nearly constant as the rate of gross NO 3 À supply declines (Figure 6a ). This is the consequence of using a
Monod function for NO 3 À assimilation and a low half-saturation constant (Table 1) . Once [NO 3 À ] falls below the half-saturation constant, diatom growth is sharply curtailed (Figure 6a ).
The insensitivity of NO 3
À assimilation rate to all but the lowest [NO 3 À ] is intended to reflect the fact that phytoplankton growth in the AZ surface is limited by Fe and/or light, which is supported by laboratory and field studies of phytoplankton. Moreover, at a qualitative level, it is supported by the paleoceanographic evidence for an increased degree of NO 3 À consumption in the AZ during the glacials, which requires that export (Jouzel et al., 2007) .
production declined less than did the NO 3 À supply (Studer et al., 2015) . In detail, however, paleoceanographic proxy data for export production ( Figure 7) indicate that there was a gradual decline in export production as NO 3 À supply decreased from interglacial levels, which the model with a constant mixed layer depth does not capture.
We attribute this inconsistency to the model's simplistic treatment of the controls on diatom growth, which does not explicitly include the role of Fe and light limitation. If upwelling CDW maintained a constant [Fe]/ [NO 3 À ] ratio over glacial cycles, then the supply rates of Fe and NO 3 À would change in constant proportion.
In this case and assuming simple Fe limitation of diatom growth, export production would covary continuously with the rate of NO 3 À supply (Lefèvre & Watson, 1999) . Importantly, this scenario also cannot be considered complete and accurate, as it would lead to perfectly covarying NO 3 À supply and export production and thus no change in the degree of NO 3 À consumption, which violates the δ 15 N db evidence for increased NO 3 À consumption during ice ages. One potential modification to this scenario is that there is significant augmentation of Fe supply from the atmosphere and the margins, such that decreasing the nutrient supply from CDW would lead to a rise in the Fe/NO 3 À supply ratio to the summertime mixed layer (Studer et al., 2015) . Alternatively, Fe recycling in the surface ocean may lead to more NO 3 À drawdown than expected from the Fe/NO 3 À supply ratio, an effect that becomes more important as upwelling rate declines (Rafter et al., 2017) . If the supply of NO 3 À and Fe to the AZ surface declined during ice ages, Fe recycling would allow for an increase in the degree of NO 3 À consumption. Regardless of the specifics, the existing coupled δ 15 N db and export production data would argue that export production did covary continuously with NO 3 À supply, in contrast to the model output when a constant mixed layer depth is assumed.
Model simulations with variable mixed layer depths fit the coupled δ 15 N db and export production proxy data somewhat better (Figures 6c, 6d , and 7b, purple dashed and blue dotted curves). In these simulations, the AZ summertime mixed layer depth is decreased in proportion with the decline in supply toward a minimum mixed layer depth of 25 m. While generating an immediate and continued reduction in export production ( Figure N db is that relatively more CDW passes through the volume of the mixed layer, keeping AZ surface [NO 3 À ] elevated and NO 3 À δ 15 N depressed relative to the case with a constant, deeper mixed layer. As discussed above, we assume that the lack of an explicit Fe cycle compromises the model's simulation of diatom growth. Nevertheless, these model simulations including a variable mixed layer appear more consistent with the paleoceanographic observations, arguably offering support for mixed layer shoaling under glacial conditions of reduced NO 3 À supply.
In simulations with constant and variable mixed layer depths, we can compare peak glacial conditions with the lowest rates of exchange explored with the model. The Antarctic paleoproxy data appear to require that diatom export was at least 50% reduced during the glacial maxima; opal burial rates are observed to decline far more than this (Anderson et al., 2009; Jaccard et al., 2013; Kohfeld et al., 2005; Mortlock et al., 1991) . The combination of a~3‰-4‰ increase in δ 15 N db and a ≥50% decline in diatom export during peak glacial periods requires an ice age reduction of gross NO 3 À flux into the model's upper ocean layers from the underlying deep ocean (Figure 7 ) that is even more dramatic than when only considering the δ 15 N db increase ( Figure 6 ).
Such a large decrease, of 90% or more, has major implications for ice age ocean circulation. It appears to require a greatly reduced wind-driven upwelling, and probably also a decline in basal mixing.
Implications
Relationship to Prior Calculations
In large part, these results are consistent with the conclusions of François et al. (1997) The net result is a self-consistent picture of seasonality in the glacial AZ and thus defensible estimates of winter and summer surface NO 3 À concentrations and of the gross rate of NO 3 À supply.
Slowing of the Residual Circulation of the Upper Cell
Our model results indicate that observed increases in diatom-bound δ 15 N and declines in diatom export, taken together, require a reduction in gross water supply (upwelling plus basal mixing) from CDW to the upper AZ. Conservatively, the reduction in gross water supply is >80% during the LGM in the model with a N cycle and >60% in the model without a N cycle. Existing calculations of the residual circulation suggest 10 Sv as a rough lower limit on the required rate of residual upwelling in the Antarctic, whereas total Ekman divergence is estimated at 20 Sv (Karsten & Marshall, 2002) . Accordingly, the model control case was developed with 10 Sv each of upwelling and basal mixing, recognizing that this might underestimate the role of the former. Prior to this study, it was unclear whether the LGM reduction in NO 3 À supply required a decline in upwelling, basal mixing, or both. The model's indication of the need for a >80% decline in total supply during the LGM requires a reduction in upwelling. This upwelling is the central component of the upper cell of Southern Ocean overturning, and our results thus point to a reduction in this upper cell.
Physical Mechanism
Most of the water upwelled in the open AZ is destined to flow northward toward the APF. Thus, our interpretation of an ice age decline in AZ upwelling likely requires a reduction in net northward transport of AZ surface waters toward the APF. Current theory stresses that the upper cell, composed of the net upwelling and northward surface water transport in the Antarctic, reflects the residual of the two countervailing processes of Ekman pumping and the eddy response to the resulting isopycnal tilting (Figure 8a ; Marshall & Speer, 2012) . Within this framework, to decrease the upper cell, one might turn to a decrease in wind-driven transport, an increase in eddy compensation, or both.
Since a wind-driven decrease in the upper cell of Southern Ocean during ice ages was first proposed, it has been explored and debated vigorously (Keeling & Visbeck, 2001; Sigman & Boyle, 2000; Toggweiler et al., 2006) . There is not yet clear support from paleoclimate data Shulmeister et al., 2004) or models (Menviel et al., 2008; Rojas et al., 2009; Sime et al., 2013) for a weakening of the winds in the latitude range of the Drake Passage, which is most important for upwelling (Toggweiler et al., 2006) . Even with a decline in northward Ekman transport, it has been argued that a parallel decline in the compensating transport by eddies will result in little change in the net upwelling and northward transport (Böning et al., 2008; Fischer et al., 2010; Keeling & Visbeck, 2001 ). However, there is also evidence that eddies do not fully compensate for changes in surface wind stress (Figure 8b ; Hallberg & Gnanadesikan, 2006) . Moreover, there is some paleoceanographic evidence for a deglacial increase in the formation rate of Antarctic Intermediate Water, consistent with our interpretation of a weaker upper cell during ice ages (Pahnke & Zahn, 2005) .
If there was a decline in northward Ekman transport as part of the upper cell, it likely would have been complemented by a decline in the rate of buoyancy gain by the northward flowing surface waters, simply because of the transport of less cold water to lower latitudes. If the wind-driven transport did not decline, then an independent decline in the gain of buoyancy (heat plus fresh water) by northward flowing surface waters could still have caused a slowing of the upper cell's residual circulation by enhancing the compensating eddy-driven flow (Figure 8c ), as proposed by Watson and Naveira Garabato (2006) . This reduced ocean heat uptake might have been caused by a focused cooling in the mid-latitudes (40°-55°S) during the last ice age. Indeed, an ice age reduction in net latent heat input (i.e., a reduction in precipitation minus evaporation) is expected for this region (Boos, 2012) . However, enhancement of the compensating eddy-driven flow would have involved increased isopycnal exchange in the interior (Figure 8c) , and this appears to lead to increased exchange between the surface mixed layer and the ocean interior (Abernathey & Ferreira, 2015) , simplified as basal mixing in our model. Thus, it is possible that the mechanism of Watson and Naveira Garabato (2006) would not have decreased gross NO 3 À supply adequately to satisfy our model findings.
In summary, Toggweiler et al. (2006) and Watson and Naveira Garabato (2006) provide plausible physical mechanisms for an ice age slowing of the upper overturning cell in the Southern Ocean. Our finding that such a slowing did indeed occur calls for more exploration as to the ice age state of the Southern Hemisphere westerly winds as well as atmosphere/ocean buoyancy fluxes in the Southern Hemisphere mid-latitudes, two types of change that may well be related.
Concluding Remarks
Here we use a seasonally resolved two-layer model of the Antarctic Zone of the Southern Ocean to quantify the reduction of surface-deep exchange required to explain the coupled evidence of enhanced NO 3 À consumption and reduced export production during ice ages. Overall, we conclude that observations of ã 3‰-4‰ increase in diatom-bound δ 15 N require an ice age reduction in the gross NO 3 À supply of >80%.
This large decline implicates a weakening of the upper cell of the Southern Ocean overturning, most likely due to a reduction in Southern Hemisphere westerly wind-driven upwelling, as the initiator of the changes in the Antarctic upper ocean that contributed to reduced atmospheric CO 2 during ice ages. (Toggweiler et al., 2006) , despite partial eddy compensation (Keeling & Visbeck, 2001) . (c) A reduction in buoyancy gain by northward flowing Antarctic Zone surface water steepens isopycnals and increases eddy compensation without a corresponding rise in Ekman pumping, resulting in decreased residual upwelling (Watson & Naveira Garabato, 2006) . Inset panels indicate the changing strengths of the opposing effects of the Southern Hemisphere westerly winds and eddies.
